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Oxygen isotope analysis of zircon, often combined with geochronology and Hf isotope analysis, has been pivotal in under-
standing the evolution of continental crust. In this contribution, we expand the use of underexplored accessory phases (titanite
and apatite) by demonstrating that their oxygen isotope systems can be robust, and by developing geochemical indicators
involving O isotopes and trace element concentrations to better constrain magma petrogenesis. These minerals have the
advantage over zircon of being present in less evolved magmas and being more responsive to igneous processes and crustal
metamorphism. We present new data on titanite, apatite and zircon from carefully-selected granitoids through geological
time: the Phanerozoic high Ba-Sr granites (Caledonian province, Scotland), Archean sanukitoids (Karelia province, Finland)
and a Neoproterozoic basalt-andesite-dacite-rhyolite suite (BADR; Guernsey, Channel Island). We demonstrate: (i) that d
18O values of the studied accessory minerals are not aﬀected by crystal fractionation, (ii) a strong correlation between d
18O in all three accessory minerals, showing that apatite and titanite can faithfully record the magmatic d 18O; (iii) that these
accessory minerals can also record metamorphic and/or ﬂuid circulation events during the syn- to post-magmatic history of
granitoids.
 2019 The Authors. Published by Elsevier Ltd. This is an open access article under the CC BY-NC-ND license (http://
creativecommons.org/licenses/by-nc-nd/4.0/).
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By way of U-Pb dates and Hf-O isotopes in particular,
zircon (ZrSiO4) has provided evidence of crust formation
processes even into the Hadean (4.4 Ga; e.g. Wilde et al.,
2001; Bell et al., 2011) and plausible constraints on conti-
nental crust growth (Kemp et al., 2007). Recent high
spatial-resolution in-situ radiogenic and stable isotopehttps://doi.org/10.1016/j.gca.2019.04.002
0016-7037/ 2019 The Authors. Published by Elsevier Ltd.
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E-mail address: emilie.bruand@uca.fr (E. Bruand).zircon datasets have greatly improved our understanding
of crustal growth rates and mechanisms, especially when
sedimentary and igneous zircon records are linked (e.g.
Belousova et al., 2010; Dhuime et al., 2012). However,
despite the impressive amount of zircon data now available,
our knowledge is restricted to the information oﬀered by
the limited number of elements present in zircon (mainly
HREE, U, Pb, Th and Hf). Although a few studies
(Belousova et al., 2006; Grimes et al., 2015) have deﬁned
general discrimination diagrams using trace elements in zir-
con (for petrogenetic modelling and tectono-magmatic set-
tings), its composition is generally not sensitive enough to
record evolving magmatic conditions or to allow precisetivecommons.org/licenses/by-nc-nd/4.0/).
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and Schaltegger, 2003).
Unlike zircon, titanite and apatite are common minerals
in maﬁc as well as felsic compositions, and they incorporate
a larger range of detectable elements that are sensitive to
melt evolution (LREE-MREE, Sr, Pb, Mn, halogens;
Prowatke and Klemme 2006a; Gregory et al., 2009; Miles
et al., 2014). Experimental work (Prowatke and Klemme;
2005; 2006a, 2006b; Stepanov et al., 2012; Li and
Hermann 2017) has better deﬁned trace element partition
coeﬃcients for titanite, apatite and monazite, showing that,
for example, those for apatite and titanite can be sensitive
to changes in SiO2 and the Aluminium Saturation Index
of the initial magma (Prowatke and Klemme, 2005,
2006b). Based on granitoid samples, apatite and titanite
trace element chemistry has also been shown to closely
reﬂect the composition of the host magma (Chu et al.,
2009; Jennings et al., 2011; Bruand et al., 2016) and yields
information about petrogenetic processes that is not always
apparent at the whole rock scale (mixing, in-situ crystal
fractionation, metasomatism; e.g. Belousova et al., 2002;
Mcleod et al., 2011; Zirner et al., 2015). Such phases can
occasionally be dated by U-Pb chronology (e.g. Storey
et al., 2007; Chew and Donelick, 2012) and the Zr-in-
titanite thermometer (Hayden et al., 2008) is robust where
a buﬀered equilibrium mineral assemblage is present.
Therefore, trace element concentrations and isotope sys-
tems in accessory minerals other than zircon (e.g. apatite,
titanite, monazite) can provide useful insights to magma
petrogenesis and crustal growth.
Lately, development of SIMS instruments and the avail-
ability of characterized standards provide an opportunity
to analyse in-situ O isotope ratios in apatite and titanite
(King et al., 2001; Trotter et al., 2008; Bonamici et al.,
2014; Sun et al., 2016). Unlike for zircon, such O isotope
datasets are currently extremely limited (Bindeman, 2008,
e.g. King et al., 2001 for igneous and metamorphic rocks
and Bonamici et al., 2011, 2014, 2015 for titanite in meta-
morphic rocks). Based on three sets of samples, King
et al. (2001) report a zircon-titanite oxygen isotope fraction-
ation factor of 1.2 ± 0.3‰ at 650 C for magmatic rocks.
They report a second equilibrium fractionation factor of
2.1 ± 0.4‰ calculated on a limited number of metamor-
phic rocks (n = 5) of unknown temperature (maximum
greenschist facies conditions). Bonamici et al. (2011, 2014)
recently interpreted oxygen isotope proﬁles through titanite
to infer the cooling history of metamorphic rocks. So far as
apatite is concerned, although oxygen isotope analysis in
bioapatite is a well-developed palaeoenvironmental tech-
nique (e.g. Trotter et al., 2008), data concerning magmatic
and metamorphic apatite are almost non-existent (Farver
and Giletti, 1989).
Experimental studies (e.g. Farver and Giletti 1989;
Zhang et al., 2006) have evaluated oxygen diﬀusion mecha-
nisms within accessory minerals. Farver (2010) reviewed
experimental data highlighting that diﬀusion rates in
accessory minerals are slower than in common igneous
rock-forming minerals. Zhang et al. (2006) have shown that
oxygen diﬀusion in titanite is isotropic but that two diﬀu-
sion mechanisms can occur, depending on the morphologyof the titanite crystals. Experiments with synthetic euhedral
crystals reveal only self diﬀusion in the titanite lattice. On
the other hand, oxygen diﬀusion in crystals lacking euhe-
dral morphology could be driven by two mechanisms: self
diﬀusion in the lattice and diﬀusion along a fast plane such
as a planar defect. Zhang et al. (2006) have also shown that
closure temperature of titanite to oxygen diﬀusion is about
600 C for a titanite crystal with a radius <200 mm, using
wet diﬀusion data with a typical upper crust cooling rate
of 10 C/Ma. For apatite, experiments have highlighted a
strong anisotropy of oxygen diﬀusion (e.g. Farver and
Giletti, 1989; Brenan, 1994). Farver and Giletti (1989) esti-
mated that the diﬀusion coeﬃcient for transport parallel to
the c axis is about three orders of magnitude greater than
for diﬀusion perpendicular to the c axis under similar con-
ditions. They also implied that water could play a signiﬁ-
cant role. Finally, diﬀusion of halogens and oxygen in
apatite has also been shown to be faster than diﬀusion of
other key elements (e.g. Sr, Mn, Pb, REE; Cherniak,
2010). In summary, although oxygen diﬀusion in accessory
minerals is generally slower than in the main rock-forming
minerals, diﬀusion in apatite is faster than titanite which is
faster than zircon (for similar grain sizes, cooling rates and
in hydrous conditions). Therefore, it is expected that meta-
morphic processes (>550 C, Farver and Giletti, 1989)
could promote faster oxygen diﬀusion in apatite than in
the other accessory phases. Notwithstanding these previous
experimental studies, there is clearly still a lot to learn about
oxygen isotope behaviour in natural systems.
For this contribution we have analysed O isotopes,
major and trace elements in coexisting zircon, titanite and
apatite from diﬀerent sets of granitoids of diﬀerent ages
(Caledonian high Ba-Sr granites, Archean sanukitoids and
Cadomian BADR). The reason for their selection is as fol-
lows. There is a major point of current discussion concern-
ing when and how the Earth evolved from the Archean
TTG production to modern arc magma. Our sample sets
form part of an ongoing investigation into evolving subduc-
tion processes across geological time, from late Archean
sanukitoids to modern arc-related magmas. High Ba-Sr
granitoids are the Phanerozoic equivalent of sanukitoids.
Both require the presence of a metasomatised mantle wedge
and sanukitoids therefore imply the onset of steep subduc-
tion at 2.9–2.7 Ga (e.g. Martin et al, 2005). The Cadomian
BADR suite represents typical arc-related magmatism
prevalent throughout the Proterozoic and Phanerozoic.
Using such rocks, we can also evaluate the isotopic infor-
mation that accessory minerals record on petrogenesis
and post-magmatic processes. For this purpose, we ﬁrst
compare oxygen isotope behaviour in apatite and titanite
on a well-constrained cogenetic high Ba-Sr suite (maﬁc-
felsic) of fresh, unmetamorphosed samples aﬀected by crys-
tal fractionation as indicated by trace element variations.
This set of samples allows investigation of magmatic equi-
libration between zircon, apatite and titanite, deﬁnition of
d 18O fractionation factors between the phases and con-
straint of the eﬀects of crystal fractionation on d 18O. Sub-
sequent to this, we compare with the variably deformed and
metamorphosed Proterozoic and Archean equivalents to
test the minerals’ robustness to resetting. Our results
146 E. Bruand et al. /Geochimica et Cosmochimica Acta 255 (2019) 144–162suggest that titanite and apatite oxygen isotope ratios can
record useful information from various stages in the history
of their host granitoids, from petrogenesis and source sig-
nature to later overprinting processes such as metamor-
phism and ﬂuid circulation.
2. SAMPLE DESCRIPTION
2.1. High Ba-Sr granitoids and appinites (Scotland)
The high Ba-Sr granitoids and appinites studied for this
contribution were selected from a suite of late Caledonian
plutons from the Northern Highlands of Scotland (Stron-
tian and Rogart localities; Fowler et al., 2008). These plu-
tonic rocks were derived from variably enriched
subcontinental lithospheric mantle and their compositions
range from appinitic through granodiorite to granite. Six
granitoids (SR1, SR3, SR4, RT1, R2, RHG1) and two
appinites (RA1 and SR2) have been studied for this work.
Their whole rock chemistry, O, Sr and Nd isotopic charac-
teristics were described by Fowler et al. (2001, 2008) and
detailed petrography and chemistry of the accessory miner-
als by Bruand et al. (2014). These plutons have high Ba-Sr
contents, are rich in light rare earth elements (LREE), have
low Nb, Ta and heavy rare earth element (HREE) abun-
dances. Thus, they share the main characteristics of sanuk-
itoids (Archean granitoids; Martin et al., 2005).
Petrological characteristics can be found in Table 1 and
in Bruand et al. (2014). The main accessory phases are zir-
con, apatite and titanite. Zircon in granitoids has typical
igneous oscillatory zoning. The only diﬀerence between
Strontian and Rogart zircons is the presence of an occa-
sional darker rim in the Rogart locality. In the maﬁc sam-
ples (SR2, RA1), there are only rare zircon grains with
oscillatory or sector zoning. In granitoids, apatite is oscilla-
torily zoned (Fig. 1c-f) while apatite in the appinite usually
has a dark core partly resorbed and a brighter thin rim
(Fig. 1g, h, j; Table 1). Titanite in granitoids is usually large
(>500 mm in diameter) and euhedral. Strontian titanite
occasionally has a thin darker rim (Fig. 2e and f). Titanite
in the appinites is anhedral and has sector zoning (Fig. 2j).
2.2. Sanukitoids from the Karelia province (Finland)
Sanukitoids belong to a group of plutonic rocks that
appeared in the Late Archaean to Archean-Proterozoic
transition and have been linked to major geodynamic
changes at that time (Laurent et al., 2014). Geochemists
and petrologists agree that they result from the interaction
between a mantle wedge and a metasomatic agent (either
oceanic crust melt or sediments). In this work, samples
from two well characterised sanukitoid localities from the
Karelia Province (Finland) have been studied (San 316
and and A572, respectively Koitere and Arola localities in
Heilimo et al., 2011). They have been dated at 2.7 Ga (U-
Pb on zircon; Heilimo et al., 2011) and whole rock geo-
chemical data, oxygen and hafnium isotopes in zircon are
available (Heilimo et al., 2010, 2013). They have been inter-
preted as the result of the interaction between the depleted
mantle wedge and a recycled crustal component duringslabbreakoﬀ at the end of subduction (Heilimo et al.,
2013). Sample A572 is from the Arola locality and is a K-
feldspar porphyritic granodiorite. Sample San 316 is from
the Koitere locality and is a large feldspar porphyroclast-
bearing graniodorite with preserved ortho- and clinopyrox-
ene. Samples from both localities have been aﬀected by
amphibolite to granulite facies metamorphism. Sample
A572 has also been aﬀected by later multiple overprinting
metamorphism and alteration events (Ho¨ltta¨ and Heilimo,
2017). Details of the petrography can be found in Table 1.
The main accessory minerals in these samples are zircon,
apatite, titanite ± epidote and opaques. Zircon in these
samples has typical igneous oscillatory zoning with a darker
rim. Zircon can locally be heavily altered. Apatite generally
has faint oscillatory zoning (Fig. 1l). Some A572 apatite
crystals contain sharper zoning with a bright core and a
darker rim (Fig. 1k). Titanite in A572 sample is euhedral
and has oscillatory zoning. Its core is darker and seems
more altered with locally abundant cracks within the crys-
tals. Titanite in San 316 is anhedral and has a broad homo-
geneous core and a thin dark rim (Fig. 2m). Occasional
sector and oscillatory zoning occurs.
2.3. Guernsey igneous complex (Channel Islands)
Guernsey is part of the Armorican Massif and is divided
geologically into two main parts. The southern part mainly
comprises Paleoproterozoic gneisses (the Icartian gneisses;
Samson et al., 2003) intruded by syntectonic and subse-
quently deformed Neoproterozoic granitoids (Perelle
quartz-diorite and l’Ere´e granite; Samson and D’Lemos,
1999), and the northern part is dominated by the unde-
formed, Neoproterozoic Northern Igneous Complex. Sam-
ples studied here are from deformed and undeformed
granitoids, allowing the eﬀects of deformation and ﬂuid cir-
culation to be constrained.
2.3.1. Undeformed sample from the Northern Igneous
Complex
Plutonic rocks from the Northern Igneous Complex
have a calc-alkaline signature and were emplaced at the
end of the Cadomian orogeny (c.a. 560–550 Ma; De
Bremond d’Ars et al., 1992). They are referred to by
Brown et al. (1990) as post-tectonic units. One sample from
the Northern Igneous Complex has been selected for this
study, taken from the Bordeaux diorite (BD-02). It com-
prises hornblende, quartz and feldspar with minor chlorite
and white mica (Table 1). Accessory phases are epidote, zir-
con, apatite and titanite. In cathodoluminescence (CL)
images, apatite has a heavily disturbed core with a thin dar-
ker rim (Fig. 1a). Zircon is small (<150 mm in length) with
dark oscillatory zoning. Locally, zircon crystals can be sig-
niﬁcantly altered. In backscattered-electron imaging (BEI)
titanite is anhedral with a bright core and a darker thin
rim (usually < 50 mm).
2.3.2. Deformed sample from the l’Ere´e granite
A sample from l’Ere´e granite (EG-07) in the southern
part of the island was also studied. This locality was previ-
ously described by Topley et al. (1990) as ‘‘ambiguous
Table 1
Sample description for the studied granitoids/appinites in the High Ba-Sr localities, sanukitoids from the Karelia Province (Finland) and the igneous complex from Guernsey (Channel Islands).
GPS coordinates are given in the WGS84 format. Mineral abbreviations are from (Whitney and Evans, 2010).
Sample Locality Rock type Age
(Ma)
Major rock forming
minerals
Accessory minerals References GPS coordinates
High Ba-Sr (Scotland) R2 Rogart Tonalite 425 hb-fsp-qz-bt-mu zircon, apatite, titanite
(euhedral), allanite
Bruand et al. (2014), Fowler et al.
(2001, 2008)
Lat 57.996508 N Long
4.185728 W
RA1 Rogart Appinite hb-cpx-fsp-bt ± cal zircon, apatite, titanite
(Anhedral)
Lat 58.029738 N Long
4.133559 W
RT1 Rogart Tonalite hb-fsp-qz-bt-mu
± aln
zircon, apatite, titanite
(euhedral), allanite
Lat 57.993611 N Long
4.197395 W
RGH1 Rogart Granite fsp-bt-qz ± chl-cal zircon, apatite, titanite
(euhedral)
Lat 58.010645 N Long
4.250916 W
SR1 Strontian Granodiorite 425 hb-fsp-bt-qz zircon, apatite, titanite
(euhedral)
Lat 56.689443 N Long
5.602272 W
SR2 Strontian Appinite hb-fsp-bt ± cal zircon, apatite, titanite
(anhedral)
Lat 56.689443 N Long
5.602272 W
SR3 Strontian Granodiorite hb-fsp-bt-qz zircon, apatite, titanite
(euhedral), allanite
Lat 56.685100 N Long
5.627994 W
SR4 Strontian Granodiorite hb-fsp-qz-bt ± chl zircon, apatite, titanite
(euhedral), allanite
Lat 56.730766 N Long
5.540805 W
Sanukitoids (Karelian
Province)
A572 Arola Granodiorite 2723 fsp-bt-qz zircon, apatite, titanite
(euhedral), epidote
Heilimo et al (2013) Lat 64.44985108 N Long
29.00994815E
San316 Koitere Granodiorite 2722 hb-fsp-qz-bt-px-opx zircon, apatite, titanite
(anhedral), opaques
Heilimo et al. (2011) Lat 63.22764732 N Long
30.65472253E
Igneous Complex
(Guernsey)
EG07 l’e´re´e
granite
Granite 614 fsp-qz-hb-chl zircon, apatite, titanite
(euhedral)
unpub.data in Samson et al.
(2003)
Lat 49.454750 N Long
2.655250 W
BD02 Port
Infer
Diorite 560–
550
hb-qz-fsp ± chl-
micas
zircon, apatite, titanite
(anhedral), epidote
Lat 49.490000 N Long
2.578361 W
E
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Fig. 1. Representative cathodoluminescence pictures of apatite crystals for Guernsey samples (A, B), High Ba-Sr samples (C–J) and
sanukitoids (K, L). Reported ionprobe analyses (results in italic and ‰) can be found Table 2.
148 E. Bruand et al. /Geochimica et Cosmochimica Acta 255 (2019) 144–162regarding the distinction between the Southern and the
Northern complexes”. However, ﬁeld relationships (e.g.
the presence of dykes absent in the north and the presence
of foliation) indicate that it belongs to the early Cadomian
event and intruded the Icartian basement syntectonically.
This is also suggested by a zircon U-Pb crystallisation age
of 614 Ma ± 2 Ma (Samson et al., 2003). The early Cado-
mian intrusions in the Channel Islands are also calc-
alkaline in composition and have typical volcanic arc gran-
ite signatures (Power et al., 1990). This sample is mainly
made up of feldspar, quartz, hornblende and chlorite
(Table 1). Accessory minerals are zircon, apatite and titan-
ite. Apatite and zircon have well-deﬁned oscillatory zoning.
In CL images, apatite usually has a dark core and a brighter
rim (Fig. 1b). Zircon has typical igneous oscillatory zoning
with locally with a darker thin rim (<10 mm). Titanite is
euhedral and large (up to 500 mm in diameter). Its core is
rich in inclusions and BEI reveals local dark patchy zona-
tion, interpreted as alteration (Fig. 2c). Well-deﬁned oscilla-
tory zoning is present in the outermost part of the crystal
(Fig. 2c).3. ANALYTICAL TECHNIQUES
3.1. Image acquisition
Mineral separates of apatite, titanite and zircon from the
studied samples were picked and mounted in epoxy resin.
The grains were distributed no further from 0.5 cm from
the centre of the mount which was polished as ﬂat as pos-
sible to avoid analytical bias during oxygen isotope analysis
(e.g. Kita et al., 2009). The mounts exposed the centre of
the grains in order to observe as much of the internal zona-
tion as possible. Apatite grains were mounted with orienta-
tions parallel to and perpendicular to the c axis to test
potential bias of oxygen isotope data with diﬀerent crystal-
lographic orientations. During our analytical sessions, we
analysed in both directions (parallel and perpendicular to
c axis) but could not ﬁnd a systematic relationship. Zircon
and apatite were imaged using cathodoluminescence (CL)
with a KeDev Centaurus CL detector housed on a JEOL
6060LV scanning electron microscope (SEM) or a Philips
XL 30 SEM at the University of Portsmouth (accelerating
Fig. 2. Representative back-scattered pictures of titanite crystals for Guernsey samples (A–C), High Ba-Sr samples (E–J) and sanukitoids (K–
M). Reported ionprobe analyses (results in italic and ‰) can be found Table 2.
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titanite were performed using a JEOL JSM-6100 or a Phi-
lips XL 30 SEM also at the University of Portsmouth at
20 kV.
3.2. Secondary Ion Mass Spectrometer analysis (SIMS)
SIMS analysis of oxygen isotope ratios was performed
at the Edinburgh Ion Microprobe Facility (EIMF) using
a Cameca 1270 mass spectrometer operating with a primary
Cs+ beam, which was focussed to a spot with a diameter of
ca.10 mm, operating at conditions of 10 kV and 6nA for
the Cs beam. Data presented in this study were acquired
over 9 analytical sessions (Sessions 1–5 over 5 continous
days and sessions 6–9 over 4 continuous days, see Appendix
A.2. for details). Instrumental calibration for each session
was done by analyzing Kahn and/or Tibor standards for
titanite, Durango for apatite and 91500 for zircon. Details
of standards can be found in the supplementary data
(Appendix A.1). Instrumental mass fractionation and
instrument drift were monitored by repeat analyses of
Kahn/Tibor for titanite, Durango for apatite and 91500and Temora 2 for zircon. Raw d18O of standards for each
session were normalised to the accepted values (10.07‰
for 91500; 8.50‰ for Durango, 10.52‰ for Kahn and
0.30‰ for Tibor) and for drift. The same corrections were
applied to the samples - details of the diﬀerent sessions,
standard values and drift corrections can be found in
Appendix A.2. Repeatabilities of the standards for each ses-
sions are also reported in A.2. and for each sample in
Table 2 (for Durango: 0.3‰ 2SD for sessions 2–3, 0.6‰
2SD for session 7, 0.4‰ 2SD for session 9; for ttn stan-
dards: 0.2‰ 2SD for session 1, 0.3‰ 2SD for session 2
and 0.4‰ 2SD for session 8; for 91500 0.2‰ 2SD for ses-
sions 4–5 and 0.3‰ 2SD for session 6). Bonamici et al.
(2011, 2014) have shown that instrumental mass fractiona-
ton (IMF) can be dependent on Ti in the octahedral site for
titanite. Khan (Ti a.p.f.u. = 0.83) and Tibor (Ti a.p.f.
u = 0.97) runs were analysed at the beginning of each ses-
sion to monitor the dependence on Ti of IMF. The titanite
compositions studied in this work vary over the same Ti a.
p.f.u. range (0.88–0.94). For the three titanite sessions, com-
positional variations showed no correlations with IMF
(Appendix A.1). Trotter et al. (2008) have suggested that
Table 2
Compilation of oxygen data aquire for the diﬀerent studied samples. d 18Ocorr values are d 18O corrected from the drift. Details of the diﬀerent sessions and standards are available in Appendix
A.2.
Sple FileName d18O corr. error (SD)
on spot (2r)
Sple FileName d18O corr. error (SD)
on spot (2r)
Sple FileName d18O corr. error (SD)
on spot (2r)
TITANITE BMttn@3* 4.16 0.32 ttn@18 4.64 0.53
HIGH BA-SR BMttn@4* 4.61 0.35 A572 Average 4.92 n = 14
SR1 SMttn@1* 5.05 0.24 BMttn@6* 4.30 0.32 2SD 0.62
SMttn@2* 4.84 0.28 BMttn@7* 4.58 0.32 San316 ttn@21 4.06 0.53
SMttn@3* 4.99 0.28 RA1 Average 4.27 n = 6 ttn@22 4.45 0.52
SMttn@4* 5.26 0.28 2SD 0.55 ttn@23 5.06 0.52
SMttn@5 4.91 0.26 RGH1 SMttn@1 5.51 0.23 ttn@24* 4.68 0.53
BMttn@1 4.97 0.33 SMttn@2 5.17 0.24 ttn@25* 4.01 0.53
BMttn@2 4.82 0.33 SMttn@3 5.16 0.24 ttn@26 5.18 0.53
BMttn@3 5.14 0.33 SMttn@4 5.17 0.28 ttn@27 4.54 0.53
BMttn@4 4.26 0.32 RHG1 Average 5.25 n = 4 ttn@28 5.36 0.52
BMttn@5 4.35 0.32 2SD 0.35 ttn@29 4.60 0.54
BMttn@6 4.07 0.31 R2 BMttn@3* 4.57 0.31 ttn@30 4.11 0.52
SR1 Average 4.79 n = 12 BMttn@4* 4.74 0.33 San316 Average 4.61 n = 10
2SD 0.77 BMttn@5* 4.59 0.33 2SD 0.95
SR2 SMttn@2 5.56 0.24 BMttn@6* 4.72 0.32
SMttn@3 5.31 0.26 BMttn@7* 4.72 0.33 GUERNSEY
SMttn@4* 5.42 0.25 R2 Average 4.67 n = 5 EG07 ttn@46 7.61 0.54
SMttn@5* 5.17 0.23 2SD 0.16 ttn@48 6.69 0.53
SR2 Average 5.36 n = 4 RT1 BMttn@1 4.51 0.32 ttn@49 7.32 0.55
2SD 0.33 BMttn@2 4.67 0.31 ttn@50 7.05 0.53
SR3 SMttn@1 5.37 0.28 BMttn@3* 4.77 0.33 ttn@51 7.53 0.53
SMttn@2 5.38 0.28 BMttn@4* 5.03 0.33 ttn@52 7.03 0.53
SMttn@3 5.28 0.26 BMttn@5* 5.01 0.33 ttn@53 7.20 0.54
SMttn@4 5.30 0.24 BMttn@6* 4.96 0.34 ttn@55* 6.85 0.53
SMttn@5 5.07 0.25 RT1 Average 4.83 n = 6 ttn@56* 6.74 0.52
SR3 Average 5.28 n = 5 2SD 0.42 ttn@57* 7.29 0.55
2SD 0.25 ttn6@58* 6.86 0.53
SR4 BMttn@1 4.48 0.39 SANUKITOIDS EG07 Average 7.11 n = 11
BMttn@2 4.39 0.38 A572 ttn@1 5.02 0.53 2SD 0.62
BMttn@3 4.08 0.43 ttn@3* 4.88 0.52 BD02 ttn@60 5.77 0.54
BMttn@4* 4.28 0.41 ttn@5* 4.75 0.54 ttn@61 5.90 0.55
BMttn@5* 4.36 0.40 ttn@6* 5.29 0.55 ttn@62* 5.34 0.53
BMttn@6 4.32 0.42 ttn@7 4.72 0.56 ttn@63* 6.02 0.54
BMttn@8* 4.33 0.30 ttn@8 4.59 0.54 ttn@64* 5.87 0.54
BMttn@9 4.25 0.35 ttn@10 5.23 0.54 ttn@65* 5.59 0.54
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BMttn@10 4.32 0.33 ttn@11 5.19 0.56 ttn@66 5.90 0.54
BMttn@11* 3.89 0.35 ttn@12 4.90 0.53 ttn@67 5.50 0.55
SR4 Average 4.27 n = 10 ttn@13 4.70 0.53 BD02 Average 5.74 n = 8
2SD 0.34 ttn@14 5.05 0.54 2SD 0.47
RA1 BMttn@1* 4.01 0.32 ttn@16 5.51 0.54
BMttn@2* 3.98 0.33 ttn@17 4.42 0.53
APATITE APM@2 4.96 0.45 AP@43 1.73 0.73
HIGH BA-SR APM@3 5.38 0.38 AP@44 0.10 0.74
SR1 APM@3* 5.24 0.46 APM@4 5.22 0.39 AP@45 0.13 0.75
APM@4* 5.21 0.41 APM@5 4.97 0.43 AP@46 0.76 0.73
APM@5* 5.16 0.40 APM@6 5.27 0.41 AP@47 0.16 0.78
APM@6 5.37 0.39 RA1 Average 5.09 n = 14 AP@48 0.40 0.75
APM@7 5.63 0.39 2SD 0.40 AP@67* 1.61 0.62
SR1 Average 5.32 n = 5 RHG1 APM@1 6.06 0.41 AP@68* 1.91 0.60
2SD 0.38 APM@2 6.07 0.44 AP@69 0.69 0.60
SR2 BMAP@3 5.72 0.42 APM@3 5.76 0.41 AP@70 1.87 0.64
BMAP@5* 6.56 0.40 APM@4 5.64 0.41 AP@71 1.09 0.61
BMAP@6* 6.11 0.37 APM@5 5.63 0.43 AP@72 1.48 0.62
BMAP@7* 6.34 0.42 RHG1 Average 5.83 n = 5 AP@73 1.72 0.59
BMAP@8* 6.43 0.42 2SD 0.44 AP@74 0.98 0.62
BMAP@9 5.73 0.43 R2 APM@2 5.39 0.44 AP@75 1.17 0.61
BMAP@10 6.00 0.39 APM@3* 5.06 0.40 AP@76 1.55 0.63
APM@3* 6.15 0.41 APM@4* 5.28 0.44 A572 Average 0.79 n = 17
APM@4* 5.80 0.39 APM@5* 5.30 0.43 2SD 1.95
APM@7 5.78 0.43 R2 Average 5.26 n = 4 GUERNSEY
APM@8 6.03 0.46 2SD 0.28 EG-07
APM@9 6.26 0.41 RT1 APM@1 5.58 0.43 AP@54 7.00 0.68
APM@10 5.86 0.45 APM@2 5.17 0.41 AP@55 6.56 0.71
SR2 Average 6.06 n = 13 APM@3 5.49 0.38 AP@56 6.93 0.74
2SD 0.55 APM@4 5.22 0.41 AP@57 7.58 0.68
SR3 APM@1 5.94 0.44 APM@5* 5.49 0.38 AP@58 7.66 0.71
APM@2 5.76 0.41 APM@6* 5.49 0.42 AP@59 6.22 0.68
APM@4 6.11 0.42 APM@7* 5.11 0.43 AP@60 6.33 0.71
APM@5 5.79 0.43 APMRT1@8 5.17 0.37 AP@61 6.07 0.76
APM@6 5.87 0.43 APMRT1@9 5.19 0.43 AP@62 7.53 0.72
APM@7 5.41 0.45 RT1 Average 5.32 n = 9 AP@63 6.08 0.69
SR3 Average 5.81 n = 6 2SD 0.37 AP@64 7.32 0.67
2SD 0.47 SANUKITOIDS AP@65 7.12 0.74
SR4 APM@3* 5.09 0.41 San316 AP@66 6.98 0.73
APM@4* 4.81 0.41 AP@26 5.85 0.70 AP@77 6.12 0.61
(continued on next page)
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Table 2 (continued)
Sple FileName d18O corr. error (SD)
on spot (2r)
Sple FileName d18O corr. error (SD)
on spot (2r)
Sple FileName d18O corr. error (SD)
on spot (2r)
APM@5* 4.52 0.42 AP@27 5.42 0.70 AP@78 7.22 0.62
APM@6 4.18 0.42 AP@28 5.42 0.71 AP@79 6.71 0.62
APM@7 4.54 0.41 AP@29* 6.05 0.74 AP@80 6.37 0.63
SR4 Average 4.63 n = 5 AP@30* 5.79 0.73 AP@81 6.33 0.60
2SD 0.68 AP@31* 5.79 0.69 AP@83 7.42 0.63
RA1 BMAP@2* 5.02 0.45 AP@32 5.64 0.70 AP@86 6.05 0.56
BMAP@3* 4.93 0.43 AP@33 6.55 0.70 AP@89* 6.76 0.57
BMAP@4* 5.01 0.42 AP@34 5.41 0.69 AP@90* 7.45 0.64
BMAP@5* 5.10 0.42 AP@35 6.07 0.67 AP@91* 7.38 0.63
BMAP@6* 5.38 0.43 AP@101 5.76 0.60 EG07 Average 6.83 n = 23
BMAP@7* 5.23 0.41 San316 Average 5.80 n = 11 2SD 1.11
BMAP@9* 4.64 0.43 2SD 0.69 BD02
BMAP@10* 5.09 0.41 A572 AP@92* 5.26 0.60
APM@1 5.08 0.41 AP@42 0.94 0.70 AP@93* 4.47 0.60
AP@94* 4.88 0.62 ZRM@7 6.27 0.30 ZR@4 6.40 0.43
AP@95* 5.90 0.62 SR4 Average 6.28 n = 7 ZR@5 6.01 0.41
BD02 Average 5.13 n = 4 2SD 0.20 ZR@10 5.82 0.41
2SD 1.21 RA1 ZRM@1 5.66 0.30 ZR@11 6.28 0.41
ZIRCON ZRM@2 5.47 0.33 ZR@12 6.14 0.46
HIGH BA-SR RA1 Average 5.57 n = 2 ZR@13 6.36 0.43
SR1 ZRM@1 5.86 0.32 2SD 0.26 ZR@14 6.33 0.42
ZRM@2 5.77 0.30 RHG1 ZRM@1 6.20 0.30 ZR@15 6.51 0.43
ZRM@4 5.98 0.29 ZRM@2 5.99 0.29 ZR@6 5.51 0.42
ZRM@5 6.04 0.28 ZRM@3 5.76 0.30 ZR@7 5.81 0.41
ZRM@3 6.13 0.29 ZRM@6 6.00 0.30 A572 Average 6.10 n = 12
ZRM@4 6.05 0.30 ZRM@7 5.91 0.31 2SD 0.59
ZRM@5 6.22 0.29 ZRM@8 6.40 0.29 San316 ZR-@39 7.59 0.39
SR1 Average 6.01 n = 7 ZRM@9 6.03 0.32 ZR-@40 7.35 0.41
2SD 0.31 ZRM@10 5.98 0.34 ZR-@41 7.67 0.43
SR2 ZRM@1 5.82 0.31 ZRM@3 6.19 0.37 ZR-@43 6.95 0.39
ZRM@3 5.95 0.31 ZRM@4 6.01 0.30 ZR-@44 7.70 0.38
ZRM@4 5.89 0.30 ZRM@5 5.98 0.32 San316 Average 7.45 n = 5
ZRM@5 5.55 0.31 RHG1 Average 6.04 n = 11 2SD 0.63
ZRM@6 5.93 0.29 2SD 0.34 GUERNSEY
ZRM@7 5.61 0.28 R2 ZRM-@1 6.32 0.32 EG07 ZR@45 8.09 0.39
ZRM@8 5.94 0.31 ZRM-@2 5.56 0.30 ZR-@46 7.89 0.39
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ZRM@9 5.60 0.30 ZRM-@3 6.58 0.30 ZR@47 8.27 0.39
ZRM@1 6.15 0.30 ZRM-@4 6.17 0.30 ZR@48 8.42 0.43
ZRM@2 5.90 0.30 ZRM-@5 6.17 0.31 ZR@50 8.63 0.43
ZRM@3b 6.01 0.29 ZRM-@6 5.95 0.32 ZR@51 7.70 0.55
ZRM@4b 5.92 0.31 ZRM-@7 5.66 0.34 ZR@52 7.84 0.40
ZRM@5 5.69 0.30 ZRM@1 5.74 0.31 ZR@54 8.10 0.40
ZRM@9 6.03 0.32 ZRM@4 5.63 0.32 ZR@55 7.56 0.44
ZRM@10 6.12 0.32 ZRM@7 5.73 0.31 ZR@56 8.35 0.43
SR2 Average 5.87 n = 15 R2 Average 5.95 n = 10 ZR@57 7.93 0.39
2SD 0.37 2SD 0.69 ZR@58 8.27 0.43
SR3 ZRM@1 5.67 0.29 RT1 ZRM@1 5.93 0.31 EG07 Average 8.09 n = 12
ZRM@2 5.58 0.31 ZRM@2 6.09 0.28 2SD 0.63
ZRM@3 5.88 0.30 ZRM@3 6.20 0.29 BD02 ZR@71 5.65 0.45
ZRM@4 5.90 0.29 ZRM@6 6.01 0.32 ZR@72 5.57 0.52
ZRM@5 5.40 0.33 ZRM@7 5.99 0.29 ZR@73 5.36 0.45
ZRM@6 5.70 0.30 ZRM@3 6.33 0.30 ZR@74 5.53 0.48
SR3 Average 5.69 n = 6 ZRM@4 6.57 0.30 ZR@76 5.52 0.43
2SD 0.38 ZRM@5 6.33 0.31 ZR@77 5.66 0.45
SR4 ZRM@1 6.37 0.29 ZRM@6 6.53 0.32 BD02 Average 5.55 n = 6
ZRM@2 6.36 0.28 RT1 Average 6.22 n = 9 2SD 0.22
ZRM@3 6.14 0.27 2SD 0.47
ZRM@4 6.26 0.28 SANUKITOIDS
ZRM@5 6.16 0.32 A572 ZR@1 5.98 0.42
ZRM@6 6.38 0.31 ZR@2 6.01 0.42
* Analysis Visible on Figs. 1 and 2.
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Fig. 3. d 18O results sorted by minerals (Table 2). A – for apatite, B
– titanite and C – zircon. Empty symbols with error bars are
repeatability of the standards (Durango for Apatite, Khan and/or
Tibor for titanite and 91,500 for zircon) for the diﬀerent sessions.
154 E. Bruand et al. /Geochimica et Cosmochimica Acta 255 (2019) 144–162instrumental mass fractionaton (IMF) between Durango
ﬂuorapatite, other ﬂuorapatites measured, and shark teeth
was absent in SHRIMP analyses. However, later Sunet al. (2016) suggested that a variation of 1% of CaO in
Durango apatite could lead to up to 3‰ heavier d18O. It
has to be noted that they could only see this eﬀect in one
of their standard grains and that based on their dataset, a
correlation could not be further quantitatively deﬁned.
During our analytical sessions, Durango was analysed with
a repeatability between 0.3 and 0.6 2SD while CaO varied
between 53.4 and 55% (See Appendix A.3). The matrix
eﬀect suggested by Sun et al. (2016) was therefore not
observed during our analytical sessions. Durango is a ﬂuo-
rapatite such as all the apatite crystals analysed during this
work. Considering 2% uncertainty on the microprobe anal-
yses, our unknowns have a similar CaO range to Durango
(A.3.) although P2O5 is much more variable in our samples
(Durango: P2O5 = 39.7–41.7 wt%; unknowns range = 39.3–
47.4 wt%). Finally, monitoring CaO and P2O5 vs d
18O for
the High Ba-Sr suite did not highlight a matrix eﬀect
(Appendix A.3). Other potential matrix eﬀects have been
investigated using titanite and apatite compositional data
but except for one appinite sample (RA1, see Section 5.1.4)
no systematic variation between chemistry of the phases
and oxygen isotope values has been observed (Appendix
A.3).
3.3. Major and trace elements analysis
Major and trace elements in both apatite and titanite
were analysed in the same part of the crystal based on zon-
ing (identiﬁed by BSE or CL), and within 10–20 mm of the
oxygen analysis spot. Detailed analytical techniques (elec-
tron microprobe analysis and laser ablation-inductively
coupled plasma mass spectrometry) can be found in
Bruand et al. (2014). Major and trace element analyses
for apatite and titanite corresponding to oxygen isotopes
spots in this study are available in Appendix A.3.
4. RESULTS
Oxygen isotopes have been measured in the range of
accessory minerals (apatite, zircon, titanite) present in the
studied samples (Table 2). Each of the studied crystals
was imaged by BSE or by CL (Figs. 1 and 2) and the diﬀer-
ent zones observed have been analysed when spatial resolu-
tion allowed. In this section, we present oxygen isotope
data of the three phases by locality.
4.1. d 18O in the high Ba-Sr suite
In the high Ba-Sr cogenetic suite, d 18Ozrn in the grani-
toids (RT1, R2, RHG-1, SR1, SR3, SR4) have comparable
average values between 5.7‰ and 6.2‰ and are within
uncertainty of each other. Most samples have 2SD close
to the uncertainties of the standards except for RT1(6.2‰
± 0.5 2SD) and R2 (6.0‰± 0.7 2SD). In the case of sample
R2, the scatter seems related to the zoning of the zircon
crystals. Notably, the darker rims tend to have the lowest
values (Appendix A.4). No systematic relationship between
the larger scatter of sample RT1 and the texture/composi-
tion of the zircon could be identiﬁed. The maﬁc samples
have homogeneous d 18Ozrn values within uncertainty of
Fig. 4. A – Y vs d 18Ottn for appinnites for 2 crystals from the High Ba-Sr samples, for B – RA1 and C – SR2 crystals in sector zoning. The
ﬁgure reveals decreasing d 18Ottn values from the brighest to the darkest zones of the sector zoning. D – Y vs d
18Ottn for granitoids for 2
crystals from the High Ba-Sr samples, for E – SR4 and F – R2 crystals from core to rim. The ﬁgure reveals comparable d 18Ottn values from
core to rim with a typical oscillatory zoning. Reported trace element and d 18Ottn data are in Appendix A.3.
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2SD for RA1, Table 2).
d 18Oap for samples R2, RA1, RT1 and SR1 average ca.
5.‰ with uncertainties within standard repeatability
(<0.4‰, Fig. 3a, Table 2). RGH1, SR2 and SR3 have slightly
higher values averaging ca. 5.9‰, and a slightly higher scat-
ter 0.4 < 2SD < 0.6. Considering uncertainties, these sam-
ples have comparable d 18Oap values. Sample SR4 has a
lower average value (4.6‰) with signiﬁcant variability
(±0.7 2SD). For this sample, cores and rims of apatite were
analysed and there is no systematic correlationwith thewider
variability observed in the oxygen isotope data.
d 18Ottn average values obtained on the high Ba-Sr suite
for most samples form a tight cluster between 4.7‰ and
5.4‰. RA1 and SR4 have slightly lower average values(4.3‰ for both samples). Two samples (SR1 and RA1)
have signiﬁcantly larger uncertainties than the standard
repeatability (>0.4‰ 2SD). In detail, the scatter of SR1
data is mainly attributed to 3 analyses on the same crystal
(BMttn@4 to 6, Fig. 3b, Appendix A.2). The scatter for
sample RA1 highlights a diﬀerent process. RA1 titanite
crystals are anhedral (Table 1) with sector zoning, which
correlates with strong elemental variation such as Y
(Fig. 4 a-c), CaO and TiO2 (Appendix A.3). The highest
Y values correspond to the lowest oxygen isotope values
and vice versa (although d 18Ottn are within 2SD uncertain-
ties; Fig. 4 c). Similar observations could not be made on
anhedral SR2 titanite crystals as the oxygen isotope data
and the trace element dataset on this sample are limited
(Table 2, Appendix A.3).
Fig. 5. Compilation of apatite, titanite and zircon. d 18O for the diﬀerent samples studied in this contribution (Table 2). A – d 18Ozrn vs
d 18Ottn, factor fractionation for igneous (1.2 ± 0.3, grey ﬁeld) and metamorphic rocks from the literature have been reported (King et al.,
2001), B – d 18Ozrn vs d
18Oap, C- d
18Oap vs d
18Ottn. Fractionation factors for the High Ba-Sr dataset are calculated based on the average of all
High Ba-Sr samples (Appendix A.3.).
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In the Karelia province samples, d 18Ozrn data obtained
on A572 range between 5.5 and 6.5‰, whereas San 316 has
higher values between 7 and 7.7‰ (Fig. 3c). These values
are within the range of previous data from Karelia province
sanukitoid zircons (5.1‰ ± 0.6‰ 2SD to 7.1‰ ± 0.4‰ 2
SD; Heilimo et al., 2013).
San316 has d 18Oap of 5.8 ± 0.7 2SD with repeatability
close to that of the standard (0.6 2SD on Durango). A572
has a heavily disturbed signature with values close to or
below zero, and a signiﬁcant scatter (±2.0 2SD; Table 2).
No chemical or obvious petrographic observations could
be found to explain these negative values.
Average d 18Ottn obtained on the sanukitoid samples are
similar and range between 4.6‰ (±1.0 2SD) for San 316
and 4.9‰ (±0.6 2SD) for A572. They both have larger
uncertainties than the standard (0.4 2SD). Titanite crystals
in San 316 are anhedral and have oscillatory zoning. In this
sample, core to rim systematics can locally be observed with
the rims up to 0.7‰ lower than the cores (@24 core, @25
rim in Table 2, Appendix A.3).
4.3. d 18O in Guernsey arc magmas
In the deformed granite sample EG-07 from Guernsey, d
18O of the three accessory phases have the highest values ofour entire dataset but also reveal a wide range of values for
each accessory mineral compared to the undeformed sam-
ple. d 18Ozrn is variable (8.1‰ ± 0.6 2SD) when compared
to the reapeatibility of the standard (0.3 2SD, Table 2).
Similarly, d 18O in apatite has variable values ranging from
6.1‰ to 7.7‰ (Fig. 3A, Table 2). The average d 18Ottn is
7.1‰ ± 0.6 2SD but closer to the standard uncertainties
(0.4 2SD; Fig. 3B; Table 2). Backscattered electron imaging
of titanite reveals heavily altered cores and a high density of
cracks, which could potentially explain the scatter of titan-
ite d 18O (Fig. 2c), but these are absent in zircon and apatite
(e.g. Fig. 1b).
The undeformed Guernsey samples BD-02 has lower and
less disturbed d 18O values for zircon and titanite with
uncertainties on the diﬀerent grains close to the uncertain-
ties of the standards (Appendix A.2, Table 2). d 18Ozrn is
5.6‰ ± 0.2 2SD and d 18Ottn has an average of 5.7‰ ±
0.5 2SD. d 18Oap on the other hand varies signiﬁcantly
and ranges from 4.5‰ to 5.9‰. CL imaging of these apatite
grains reveals patchy zoning characteristic of ﬂuid-
mediated alteration (Fig. 1a).
5. DISCUSSION
In order to establish whether d 18O of titanite and/or
apatite can be used reliably to derive d 18O of the parent
magma, it is important to test whether and how d 18Omineral
E. Bruand et al. /Geochimica et Cosmochimica Acta 255 (2019) 144–162 157can be inﬂuenced by factors such as crystal face develop-
ment and diﬀusion, crystal fractionation, temperature or
metamorphism/alteration. Initially, the unmetamorphosed
samples (high Ba-Sr suite) are discussed in the light of iso-
topic equilibrium between zircon and the other accessory
minerals, crystal face development and crystal fractiona-
tion. Following this, the metamorphosed sanukitoids
(Karelia province) and the arc magma samples (Guernsey)
are used to discuss the impact of metamorphism, deforma-
tion and ﬂuid alteration on accessory mineral d18O.
5.1. The unmetamorphosed high Ba-Sr suite
5.1.1. Zircon-titanite fractionation factor
Understanding if the measured phases are at magmatic
equilibrium is fundamental to the understanding of the
behaviour of d 18Omineral in the diﬀerent sets of samples
studied here. In this section, equilibrium is tested by com-
paring measured d 18O of the diﬀerent accessory phases to
existing fractionation factors proposed for these phases.
Following this, observed magmatic disequilibrium is dis-
cussed, considering processes such as crystal shape, meta-
morphism and ﬂuid circulation, which could promote
diﬀusion.
Shown in Fig. 5a are published d 18O zircon and titanite
data and zircon-titanite fractionation factors from King
et al. (2001) (1.2 ± 0.3‰ for igneous systems for a temper-
ature of 650 C; 2.1 ± 0.4‰ for metamorphic systems) and
the data from this study. King et al. (2001) use the
equation:
Dzrnttn ¼ 1:02  106=T2ðT in KÞ
which for a range of temperatures between 650 C and
850 C gives fractionation factors between 1.2 and 0.8,
respectively (Appendix A.3). The high Ba-Sr suite data plot
in close accordance with the former of these. However, the
uncertainties on the data are of the same order as the frac-
tionation factor diﬀerence for a 650–850 C temperature
range. This means that any temperature eﬀect within the
650–850 C range is negligible compared to the uncertainty
in the data. In contrast to this close correspondence, previ-
ous experimental work on Dzrn-ttn such as that by Zheng
(1993) has used diﬀerent equations that give fractionation
factors ranging between 0.15 and 0.10 respectively, for
the same temperature range. This suggests that such exper-
imental work may not be directly applicable to natural
systems.
5.1.2. Zircon-apatite fractionation factor.
There are no published empirical calibrations of oxygen
isotope fractionation between igneous apatite and zircon.
However, Valley et al. (2003) deﬁned ‘A factors’ for the
apatite-zircon pair, derived from a combination of King
et al. (2001) and Valley (2003) empirical values plus
experimental work from calcite and mineral exchange
from Chacko et al. (2001). Using such Azrn-ap gives
Dzr-ap = 0.15 at 650 C (Appendix A.3).
In Fig. 5b, d 18Ozrn against d
18Oap are plotted to mon-
itor potential disequilibrium. Most high Ba-Sr samples are
within or close to the 2SD repeatability of the standard(<0.5 2SD) and measured phases are consistent with each
other. Except sample SR4, the high Ba-Sr suite deﬁnes a
tight cluster. Based on these samples, calculated fractiona-
tion factors range between 0.2 and 1.65 (average
Dzrn-ap = 0.4 ± 0.6‰ 1SD) within which range sits the recal-
culated D zrn-ap = 0.15 by Valley et al (2003). The system-
atically lower value of SR4 is diﬃcult to explain; one
possibility could be that apatite is not in equilibrium with
zircon. This explanation is unlikely as in this type of
evolved magma, apatite and zircon are usually early
co-crystallising phases (Hoskin et al., 2000). This has been
conﬁrmed by Bruand et al. (2014) using trace elements in
accessory phases for similar samples from this locality
(SR1 and SR3). Sample SR4 is not altered and does not
show any evidence of signiﬁcant interaction with ﬂuid.
The only mineralogical diﬀerence from the other high
Ba-Sr granitoids is the presence of pyrrhotite inclusions
within the cores of the apatite crystals, implying locally
reducing conditions of the magma (e.g. Tepper and
Kuehner 1999). Speculatively, these redox conditions may
be responsible for changes in the OH bonding within apatite.
5.1.3. Fractionation factor of apatite-titanite
Compiling all the data for the well equilibrated titanite
and apatite of the high Ba-Sr suite reveals a strong correla-
tion between the two phases, with an average fractionation
factor Dap-ttn of 0.6 (±0.1‰ 1SD; Fig. 5c and Appendix
A.3). This result is very diﬀerent to what can be derived
from Valley (2003 and references therein): Dap-ttn = 1.35
at 650 C and Dap-ttn = 0.91 at 850 C (Appendix A.3).
Given the very limited available data, the origin of this
inconstitency in fractionation factors is unclear.
5.1.4. The inﬂuence of compositional and sector zoning on
d 18O titanite
Titanite crystals can be strongly zoned (oscillatory, sec-
tor, ﬁr-tree), and previous studies have shown that although
the most enriched sector zones are out of equilibrium (e.g.
ﬁr-tree zoning; Watson and Liang, 1995; Hayden et al.,
2008), other parts with oscillatory zoning are not and can
be used to monitor magmatic processes such as in-situ frac-
tionation, contamination or mixing, or magmatic parame-
ters such as temperature of crystallisation (Hayden et al.,
2008; Mcleod et al., 2011; Bruand et al., 2014). During
the oxygen isotope analytical sessions, we tested the inﬂu-
ence of highly contrasting zones observable in BSE images,
by systematically analysing for major and trace elements
plus oxygen isotopes.
Bruand et al. (2014) showed that titanite crystals from
high Ba-Sr granitoids record progressive decrease of REE,
Nb and Ta toward the rim of the crystal. In order to inves-
tigate the compositional zoning inﬂuence on d18O, Y is used
as a proxy for REE (with the knowledge of a strong corre-
lation – Bruand et al., 2014). At both high Ba-Sr localities,
REE and Y concentrations in granitoid titanite decrease
from core to rim while d18Otitanite is constant (Fig. 4d).
Bruand et al. (2014) also showed that occasional darker
rims only found in SR1 and SR3 samples (e.g. Fig. 2e)
recorded a late event of mixing with local maﬁc magma.
d18Otitanite from these darker rims did not diﬀer from the
Fig. 6. d 18O vs SiO2WR for high Ba-Sr samples showing the crystal
fractionation inﬂuence on whole rock, apatite, titanite and zircon.
d 18O values are the average values presented in Table 2 and SiO2WR
values are from Fowler et al. (2008) and personal XRF data.
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the dark rim).
In the appinites (SR2 and RA1, Fig. 4), titanite is anhe-
dral and a late phase with interstitial texture and well-
developed sector zoning. In one large sector zoned crystal
of RA1, d 18Ottn data is anti-correlated with Y content,
the brightest parts of the sector zoning having lowest
d 18Ottn values (Fig. 4, albeit with variations close to repro-
ducibility constraints). Such anti-correlation between
d 18Ottn and Y content was not observed in other anhedral
titanite grains across our range of samples (BD02 in Guern-
sey, San 316 in the sanukitoids), but in these cases, titanite
crystals show evidence for either disequilibrium or reset-
ting. Since previous work on sector zoning in titanite has
also shown that the brightest parts of the sector zoning
are out of equilibrium for trace elements (e.g. Hayden
et al., 2008), in future work, caution should be taken when
analysing the brightest parts of sector zoning as the most
enriched parts of the sector zones could suggest
disequilibrium.
5.1.5. Does crystal fractionation inﬂuence accessory mineral
d 18O?
Since it has been argued that the Caledonian high Ba-Sr
granite suite is the result of progressive crystal fractionation
from the appinitic compositions toward the most diﬀerenti-
ated granites (Fowler et al., 2001, 2008), and apatite-titanite
are at equilibrium, our data can be used to examine the
inﬂuence of crystal fractionation on d 18Oapatite and
d 18Otitanite. The studied samples have closely similar
Sr and Nd radiogenic isotopic values (see Fowler et al.,
2001, 2008), and thus the inﬂuence of open-system beha-
viour (such as assimilation of the local metasediments) is
thought to be minor. Available d 18O whole rock data
(Fowler et al., 2001, 2008) are mostly within a 6.7–8.7‰
range from the most maﬁc endmenber (appinite) to felsic
compositions (Fig. 6). RHG1 has a higher d 18O whole rock
value (10.6‰) which is interpreted to be the result of late
feldspar alteration (Fowler et al., 2001; Bruand et al., 2014).In Fig. 6, SiO2WR is used to monitor the potential eﬀect
of crystal fractionation on oxygen isotopes in apatite and
titanite. Across the range of compositions from ca. 50 to
ca. 70% SiO2, d
18Ozircon ranges between 5.9‰ and 6.3‰
and are all within uncertainty (Table 2). Similarly, Fig. 6
reveals that there are no variations of oxygen isotopic val-
ues resolvable between the less and the most diﬀerentiated
samples for apatite and titanite. Therefore, extensive crystal
fractionation seems not to inﬂuence accessory mineral
d18O.
5.2. Archean sanukitoids from Karelia
Zircon crystals from Karelia (A572 and San316) are
magmatic and retain original d 18O (Heilimo et al., 2013).
Therefore, the fractionation factors deﬁned above can be
used to determine whether d 18O of titanite and apatite have
been disturbed during their prolonged metamorphic
history.
5.2.1. The inﬂuence of metamorphism/ﬂuid circulation on d
18O titanite
Titanite crystals in San316 (and the other sanukitoid,
A572) show igneous oscillatory zoning, occasionally sur-
rounded by a thin and dark (metamorphic) rim (<10 mm,
Fig. 2m). Titanite ages of 2707 Ma from A572 are compa-
rable with solution-based zircon ages, conﬁrming their
igneous history (Hyppo¨nen 1983), but similar aﬃrmation
is not possible for San316 for which titanite ages are lack-
ing. Trace element data on titanite cores for both samples
are similar and consistent with igneous compositions (Sr/
Sm < 0.2, Appendix A.3; Bruand et al., 2014). d 18O in sam-
ple San316 overlaps a metamorphic zircon-titanite fraction-
ation factor of 2.1 (Fig. 5a) previously deﬁned by King
et al. (2001), and is clearly out of magmatic equilibrium
with respect to d 18Ozrn. This metamorphic empirical frac-
tionation factor was deﬁned using 5 samples and is poorly
constrained to date.
It therefore seems clear that, although the San316 titan-
ite trace element signature is igneous, oxygen isotopes have
been partly reset during the metamorphism which aﬀected
this Archean terrane. The small size (<200 mm) and anhe-
dral shape could have promoted diﬀusional resetting of
oxygen isotopes and explain the signiﬁcant scatter of titan-
ite data for this sample (Fig. 3b). This is consistent with pre-
vious experimental studies on oxygen diﬀusion in titanite
which have shown that oxygen diﬀusion in non euhedral
crystals could be faster as it is impacted by two mecha-
nisms, self diﬀusion in the lattice, and diﬀusion along a fast
plane (Zhang et al., 2006). For example, Zhang et al. (2006)
calculated that at about 500 C, a titanite core with a grain
radius similar to our grain size (200 mm) will retain the orig-
inal 18O/16O for only about 2.7 Ma.
On the other hand, sample A572 which has been aﬀected
by similar metamorphism has d 18Ottn average values con-
sistent with magmatic equilibrium (Fig. 5a). The uncertain-
ties on the data are slightly outside the 2SD of the standard,
which suggests that oxygen diﬀusion during metamorphism
could have played a minor role. In any case, titanite crystals
in this sample are euhedral and large (>200 mm, up to
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crystals.
5.2.2. The inﬂuence of ﬂuid circulation/metamorphism on
d 18O apatite
In Fig. 5b and c, sample A572 plots remote from the
main correlation, indicating disequilibrium between apatite
and zircon or titanite. Its anomalous negative d 18Oap val-
ues can only be explained by interactions with meteoric
or hydrothermal waters - the only reservoirs with signiﬁ-
cantly negative d 18O (0 to 55; Eiler 2001; Valley et al.,
2005). The lack of preserved pyroxene in the mineralogy
and the presence of altered feldspar supports an interpreta-
tion of late hydrothermal interaction (Table 1).
On the other hand, in Fig. 5b, San316 has an average d
18Oap of 5.80 ± 0.7 2SD, with uncertainties close to the
standard repeatability for this session (2SD of 0.6). This
is consistent with the highest zircon-apatite fractionation
factor deﬁned from the high Ba-Sr samples (0.9–1.2‰).
Thus, in this sample apatite is in equilibrium with zircon
and, contrary to titanite from the same sample, metamor-
phism seems not to have reset d 18Oap.
To summarise, results demonstrate that both titanite
and apatite can be aﬀected by resetting due to metamor-
phism/ﬂuid circulation, but that they may behave indepen-
dently. The diﬀerence could potentially be related to
diﬀerent type of ﬂuid. For example, previous workers
(e.g. Ayers and Watson 1991) have shown that apatite is
not easily dissolved by high P-T ﬂuid unless this ﬂuid is
acidic. Therefore one could potentially explain the complete
resetting of apatite of sample A572 by the dissolution and
reprecipitation of apatite by an acidic ﬂuid.
5.3. Deformed vs undeformed arc magmas from Guernsey
In Fig. 5a-b, average values of d 18Oap and d
18Ottn of
sample EG07 plot within the general set of data previously
deﬁned by the high Ba-Sr dataset and are therefore in mag-
matic equilibrium with respect to d 18Ozrn. However, the
uncertainties on the average d 18Oap and d
18Ottn values
are beyond analytical uncertainty. EG-07 is deformed, rich
in chlorite and has heavily altered feldspar. Titanite cores
are altered and show dark patchy zoning. These observa-
tions suggest ﬂuid circulation promoted by deformation,
which has disturbed the d 18O signature in both accessory
phases.
In contrast, the undeformed sample (BD02) has d 18Ottn
that is clearly in disequilibrium with respect to d 18Ozrn
(Fig. 5a). It has not experienced signiﬁcant metamorphism
but contains small, anhedral titanite crystals. Therefore, the
disequilibrium between titanite and zircon in this sample is
more likely due to the small size of the grains. Following
Zhang et al. (2006) anhedral shape could also promote fas-
ter diﬀusion processes.
On the other hand, sample BD02 has average d 18Oap
values consistent with magmatic Dzrn-ap deﬁned by the high
Ba-Sr samples. However, they also show signiﬁcant scatter
beyond analytical uncertainty (Fig. 3a and Fig. 5b). Textu-
ral observations indicate that apatite in this sample has pat-chy cores and these have the lowest d 18Oap values (4.5‰;
Fig. 1a). Thin dark rims have the highest d 18Oap (5.9‰).
Patchy zoning is unusual for igneous rocks but described
in ﬂuid related conditions (e.g. Zhang et al., 2017). We
therefore interprete the values obtained in the core as
related to ﬂuid circulation during the magmatic stage.
In summary, the study of the unmetamorphosed Guern-
sey samples reveal that ﬂuid circulation during either the
magmatic stage or during later deformation can promote
partial resetting of d 18Oap and d
18Ottn.
6. CONCLUSIONS
The analysis of zircon, apatite and titanite within three
sets of samples from diﬀerent geological settings, formed
at diﬀerent times highlights the following important
ﬁndings:
– d 18O of titanite is in equilibrium with zircon across our
three sets of samples except when titanite is anhedral
and small in size (<200 mm). Thus titanite is a robust
mineral preserving the original magmatic d 18O.
– d 18O of apatite records magmatic d 18O in the high Ba-
Sr samples, but is more prone to partial or complete
resetting when aﬀected by metamorphism, deformation
and/or ﬂuid circulation.
The presented dataset demonstrates that apatite and
titanite can potentially record original magmatic d 18O of
a sample in diﬀerent geological contexts. However, in-
depth study of the zoning features and petrology of the
samples is important to constrain the history of the sample.
Our results open new opportunities to investigate the mag-
matic but also the resetting history of granitoids through
time by analysing d 18O of apatite and titanite. Indeed, sev-
eral authors have recently reported the importance of apa-
tite inclusions protected within zircon to better constrain
magmatic conditions of the early Earth (Bruand et al.,
2016; Delavault et al., 2016; Emo et al., 2018).
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